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Abstract

Previous work has shown that strong ascending motion is a key driver of extreme

precipitation events (EPEs). Thus, the horizontal spatial scales of this “extreme as-

cent” are likely important for determining the spatial scales of EPEs. Therefore,

understanding how climate models capture horizontal scales of ascending anomalies

is critical to understanding and assessing climate models’ simulations and projections

of extreme precipitation. Analyzing daily output from 27 models participating in

the Coupled Model Intercomparison Project phase 6 (CMIP6) and High-Resolution

Model Intercomparison Project (HighResMIP), we show that horizontal model res-

olution is a key influence on the horizontal scales of extreme ascent. We compute

the horizontal scale for a given EPE as the e-folding distance of the vertical velocity

anomaly on the day of the EPE, which is scaled to produce an inverse wavenumber.

We then composite these horizontal scales over all annual maximum EPEs between

1981 and 2000 for each model. We focused on the horizontal scale zonally averaged

over the 40°S-55°S latitude band. Our analysis suggests that model horizontal reso-

lution places an upper limit on the horizontal scale of extreme ascent. Models with
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around 150 longitude points (approximately 153 km resolution at 55°S) have mean

horizontal scales topping out at approximately 320 km, and this upper limit decreases

to approximately 220 km for models with 500 longitude points (approximately 46 km

resolution at 55°S). Additional analysis shows that the horizontal scales for geopo-

tential anomalies during EPEs have no clear resolution dependence. However, the

horizontal scales of geopotential were generally larger (700-1100 km) than those for

vertical velocity or precipitation anomalies, and more in line with theoretical expecta-

tions based on the Rossby radius of deformation. Additional insight is gained through

analysis of grid-scale and convective precipitation. Altogether, these results suggest

that the simulated large-scale dynamics associated with EPEs is realistic, but the

models are convecting at the grid scale rather than sub-grid scale. This is unrealistic

as convective precipitation is expected to contribute strongly to extreme precipita-

tion events. Additional analysis ensured that our results were not just a product of

grid box storms, and that they were not sensitive to internal variability or temporal

resolution.
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1 | Introduction

1.1 Brief Overview

Extreme precipitation is of great human interest because of the potentially severe

consequences extreme precipitation events can have. For example, extreme precipita-

tion caused the Pakistan floods of 2010, which lead to 1700 deaths and the damage or

complete destruction of one million homes (Kirsch et al., 2012). The Alberta floods

of 2013 were also caused by extreme precipitation and were the costliest disaster in

Canadian history up until that time (Milrad, Gyakum, & Atallah, 2015). Thus, it is

crucial to understand, project and prepare for extreme precipitation events to limit

their consequences. While extreme precipitation events are projected to intensify

over most regions under climate change based on thermodynamic principles, these

projections are regionally dependent. Previous work in the field has shown that this

regional variability is influenced by changes in the ascent associated with extreme

precipitation events (referred to as “extreme ascent”). Moreover, earlier research has

suggested that changes in extreme ascent are influenced by changes in the horizontal
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scale of ascent, which corresponds to the spatial size of a storm. Furthermore, the

spatial scale of a storm closely relates to the timescale of a storm, which in turn

influences the accumulated precipitation during the storm. Thus, understanding the

horizontal scale of extreme ascent is critical to understanding and projecting extreme

precipitation. Climate models are the primary tools for studying the spatial scales for

extreme ascent. However, as with any application of models, it is important to first

determine how models differ and to what extent they can be trusted. To this end,

this thesis asks: what is the influence of horizontal model resolution on the spatial

scales of extreme ascent and other quantities associated with extreme precipitation

events?

Firstly, this introductory chapter gives an overview of various theoretical topics

relevant to this thesis. Then, the Chapter 2 explains the datasets used in this study

and the process through which horizontal scales are computed from model output.

Chapter 3 presents the findings of the analysis, beginning with the horizontal scales

of ascent. The results will show a clear model resolution influence on the horizontal

scales of ascent and precipitation, and that the models are unrealistically convecting

at the grid scale rather than the sub grid scale. Finally, Chapter 4 summarizes the

findings of this thesis and considers some limitation and potential extensions of the

analysis.

The remainder of this introduction provides a theoretical overview of several rel-

evant background topics. Section 1.2 begins to introduce extreme precipitation by
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covering the Clausius-Clapeyron equation, which relates rising temperatures under

climate change to a projection of increasing extreme precipitation intensity through

thermodynamical effects. Section 1.3 introduces the basics of the hydrological cycle

and section 1.4 covers the general global structure of precipitation. While the pre-

vious two sections focus on annual means, section 1.5 considers annual variation in

local hydrology. Section 1.6 then covers the basics of the global atmospheric circula-

tion, focusing on large scale phenomena like the Hadley cells, Ferrel cells, and eddies.

Then, section 1.7 explains how ascent contributes dynamical effects to precipitation

which lead to regional variability in the projections. Section 1.8 then introduces

the quasigeostrophic omega equation, a theoretical tool for studying the mechanisms

that drive vertical velocity at the synoptic scale. Section 1.9 then uses the quasi-

geostrophic omega equation to relate extreme ascent to the horizontal scale of ascent

and explains some of the drivers of changes in the horizontal scale of ascent. While

this thesis focuses on spatial scales, section 1.10 briefly considers temporal scales of

extreme precipitation events. Section 1.11 then gives a brief overview of intensity-

duration-frequency (IDF) curves, graphical tools that show the relative rarity of ob-

served precipitation events by considering their intensity, duration, and frequency.

Finally, to connect the theoretical discussion to modelling, I give a brief introduction

to models’ representation of the atmosphere in section 1.12.
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1.2 The Clausius-Clapeyron Relationship

Under climate change, extreme precipitation events are projected to intensify (Kharin

et al., 2013). This expectation follows from the thermodynamic Clausius-Clapeyron

relationship, which relates temperature to saturation vapour pressure. Vapour pres-

sure is the pressure that the water vapour in an air parcel would exert if alone in the

volume, while saturation vapour pressure is the pressure exerted when an air parcel

is fully saturated. A saturated parcel is one where the vapour and liquid phases are

in equilibrium (as many molecules are returning to the liquid as there are escaping

as vapour).

Equation 1.1 shows the general form of the Clausius-Clapeyron equation, where es

is the saturation vapor pressure, T is temperature, lv is the latent heat of vaporization,

T is temperature, and Rv is the ideal gas constant for water vapour. For terrestrial

conditions, and assuming that lv is approximately constant with temperature, the

equation can be solved to a good approximation given by equation 1.2, where es0 is

a constant.

des
dT

=
lves
RvT 2

(1.1)

es � es0 � exp

�
lv
Rv

�
1

273
� 1

T

��
(1.2)
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The Clausius-Clapeyron relationship shows that saturation vapour pressure increases

approximately exponentially with changes in temperature, meaning that warmer air

parcels can take on exponentially more moisture than cooler air parcels. Thus, ex-

treme precipitation events are projected to intensify under climate change following

first principles (assuming that relative humidity stays constant): as the atmosphere

warms, the saturation vapour pressure of the atmosphere increases, leading to more

moisture available in the atmosphere for condensation, ultimately allowing for more

intense extreme precipitation events. This thermodynamic Clausius-Clapeyron ef-

fect leads to a well understood global scaling of precipitation intensity under climate

change (Pfahl, O’Gorman, & Fischer, 2017). However, as explained in section 1.7, this

scaling does not capture all the mechanisms driving extreme precipitation changes.

1.3 The Hydrologic Cycle

The hydrologic cycle, also known as the water cycle, is the continuous cycling of

water on Earth between bodies of water, the ground, and the atmosphere. As the

total water on Earth is conserved, the hydrologic cycle captures the exchange of wa-

ter between these reservoirs. The main general features of the hydrologic cycle are

evaporation and vertical transport which bring moisture at or near the surface higher

into the atmosphere, precipitation which brings moisture from the atmosphere back

to the surface, run off which transports moisture through the land, and horizontal

transport through the atmosphere. For local climates, equation 1.3 (Hartmann, 2016)
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describes the relevant water balance for the surface, where gw is stored groundwater,

P is precipitation, D is the surface condensation from dewfall or frost, E is evapo-

transpiration, and �f is runoff.

gw = P +D � E ��f (1.3)

While evaporation captures the transformation of liquid surface water to water vapour,

evapotranspiration includes water surface evaporation, soil moisture evaporation, and

plant transpiration (the release of water vapour by plants). Over long term averages

the storage term is small and dewfall can be incorporated into the precipitation or ne-

glected, simplifying equation 1.3 to equation 1.4 (Hartmann, 2016), which introduces

the famous P � E quantity.

�f = P � E (1.4)

Figure 1.1 is taken from Hartmann (2016) and shows the zonal means of the compo-

nents of equation 1.4. The P �E quantity in figure 1.1 follows much of the intuition

one has about wet and dry climates, with positive P � E around the equator and in

the middle to high latitudes, and negative P �E between the 15° to 40° latitude band

in each hemisphere. The peak in P around the equator is mostly associated with the

intertropical convergence zone (ITCZ).
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Figure 1.1: Figure 5.2 from Hartmann (2016), showing zonal means of evaporation
E, precipitation P , and P � E using data from ERA Interim 1979-2009.

1.4 Global Precipitation

The mechanism through which moisture in the atmosphere becomes precipitation is

generally simple: moist air parcels become supersaturated, allowing water vapour to

condense into droplets that fall when they are large and heavy enough to overcome

the ascent (or updrafts in a cloud) that the air parcels experience. Supersaturation

occurs when the specific humidity of a parcel (the ratio of the mass of water vapour

to the mass of air) exceeds that at saturation. Supersaturation in the atmosphere is
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usually reached through adiabatic cooling as the air parcels expand and become less

dense during ascent. How the moisture gets into the middle and upper troposphere is

less simple as there are various potential mechanisms that have varying significance

depending on location or season. For example, in the midlatitudes, atmospheric

motion associated with both frontal and synoptic weather systems can force parcels

to ascend (Hartmann, 2016). In the tropics and over continents, convective instability

generates buoyancy in cumulonimbus clouds and forces parcels upward, driving much

of the precipitation (Hartmann, 2016).

Figure 1.2 shows annual mean precipitation. This shows many of the same features

as in figure 1.1, such as the precipitation peak near the equator. High temperatures

near the equator lead to air with high water content (following the Clausius-Clapyeron

relation), and tropical convective systems produce the ascent that drives much of the

precipitation systems around the equator. In contrast, precipitation is weak towards

the poles, where less solar heat leads to lower temperatures and thus a lower water

content for the air. In the tropics, precipitation is highest around the Maritime Con-

tinent and over the land in South America and Africa, in part due to the Walker

circulation. The Walker circulation is a large scale circulation that is driven by up-

welling and downwelling in the ocean. Warm surface water collects near the Maritime

Continent and cooler surface water collects near South America, the temperature dif-

ference associated with this upwelling and downwelling in turn creates a pressure

gradient in the atmosphere, with high pressure over the Maritime Continent and low

8



pressure over South America. Closer to the surface, this pressure gradient is reversed

with low pressure over the Maritime continent and high pressure over South Amer-

ica. Thus, the rising branch of the Walker circulation is over the Maritime continent

where warm humid air rises higher into the atmosphere (from low to high pressure),

driving high precipitation. The air higher in the atmosphere then moves towards

South America (from high to low pressure) before descending (from low to high pres-

sure). The high precipitation in parts of the eastern halves of the Pacific and Atlantic

oceans is associated with the ITCZ, though some regions near the equator in the east-

ern Pacific and Atlantic oceans are very dry. This high tropical precipitation moves

north and south to follow solar heating from the sun. While the ITCZ is generally

slightly north of the equator, the South Pacific Convergence Zone (SPCZ) is slightly

south of the equator and spans towards the mid-latitudes. The mid-latitudes of the

Northern Hemisphere show the highest precipitation along the western coast where

storm tracks form. In contrast, the mid-latitudes of the Southern Hemisphere show

high precipitation across all longitudes. Mid-latitude weather systems can force as-

cent, and when combined with westerly flow over mountain ranges leads to the high

precipitation seen west of the Rocky Mountains and the Andes.

1.5 Annual Variation in Local Hydrology

Annual variations in the local surface water balance is driven by three main compo-

nents, precipitation, evaporation, and soil moisture. While the importance of precip-
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Figure 1.2: Figure 5.4 from Hartmann (2016), showing annual mean global precip-
itation in millimetres per day, using data from the Global Precipitation Climatology
Project.

itation and evaporation is obvious, soil moisture is an important storage component

to local water balances. While precipitation is readily observed by most climatologi-

cal stations, evaporation and soil moisture are less frequently measured (Hartmann,

2016). However, evaporation and soil moisture can be inferred from other readily

observed quantities such as temperature and radiation using empirical formulas or

models. Another quantity, potential evapotranspiration (PET), can be computed di-

rectly from surface radiation, and it captures the evaporation that could occur from

sufficiently moist soil. Thus, When PET exceeds evaporation, the soil is generally

very dry. For example, figures 1.3a, b, and c show the local water balance for three

west coast North American cities in the mid latitudes. All three cities show precipi-

tation peaks during the winter due to strong winter storms. This wintertime peak is

stronger for Seattle, which is in the Pacific Northwest and experiences a temperate

10



climate, than San Francisco and Los Angeles in South California which are closer to

the equator and experience a more tropical dry climate. The summertime minimum

in precipitation increases in duration moving from the Pacific Northwest towards the

Southern California locations. In Southern California, the summer minimum corre-

sponds to the highest solar radiation and temperatures and leads to depleted soil

moisture, as seen by PET exceeding evaporation from February to November in fig-

ures 1.3b and c, and greatly exceeding evaporation from the middle of March to

the middle of August. Only in the winter months where temperatures are lowest

and precipitation is highest does evaporation exceed PET. Finally, consider Oaxaca,

shown in figure 1.3d, which is even closer to the equator in the tropics. High solar

radiation and temperatures over the whole year lead to PET exceeding evaporation

year-round for Oaxaca, and the strong summer peak in precipitation is associated

with the ITCZ and other large scale circulations. Overall, though they are very sensi-

tive to geography, observations and estimation of precipitation, evaporation, and soil

moisture (inferred from PET) can provide a good picture of local water balances and

the relative wetness or dryness of a location.

1.6 Atmospheric General Circulation and Climate

Phenomena that drive motion and advection in the atmosphere have a large range of

temporal and spatial scales. For example, very small-scale phenomena like turbulence,

more moderately scaled phenomena like mesoscale (around 10 km to 1000 km) storms,
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Figure 1.3: Figure 5.6 from Hartmann (2016), showing the annual water balance for
four locations, using data the ERA Interim Land Reanalysis data set for 1979–2010 for
precipitation (P) and evaporation (E), with estimated potential evapotranspiration
(PET).

and parts of large scale phenomena like the rising branches of the Hadley and Ferrel

cells can advect moisture and energy vertically into the atmosphere (Hartmann, 2016).

Moreover, large-scale phenomena like cyclones and planetary-scale circulations are

effective at advecting moisture and energy horizontally over the Earth (Hartmann,

2016). To begin understanding the general circulations in the atmosphere, one can

separate the components of wind into horizontal and vertical components. Assuming

a spherical Earth with latitude �, longitude �, and radius a one can define the zonal

and meridional components of wind following a parcel with equations 1.5 and 1.6,

12



respectively.

u = a cos (�)
D�

Dt
(1.5)

v = a
D�

Dt
(1.6)

Equations 1.7 and 1.8 give the vertical components of wind in height (z) and pres-

sure (p) coordinates respectively. Equation 1.9 defines the material derivative for an

arbitrary quantity y, where ~u = (u; v; w) or ~u = (u; v; !) is the flow velocity, and r

is the gradient operator.

w =
Dz

Dt
(1.7)

! =
Dp

Dt
(1.8)

Dy

Dt
=
@y

@t
+ ~u � ry (1.9)

One simplification to more easily understand general circulation over the Earth is

by studying zonal averages (means over latitude). The zonal average at a particular

latitude for an arbitrary quantity y is given by the square brackets defined by equation

13



1.10. Zonal averages are useful because many important factors to climate like solar

radiation intensity and angular momentum vary with latitude, so locations in the

same latitude often share similar climatological features.

[y] =
1

2�

Z 2�

0

yd� (1.10)

Figure 1.4, taken from Hartmann (2016), shows the zonal mean of zonal wind

(eastward wind identified by equation 1.5). Throughout most of the troposphere

(below 8 km � 14 km altitude) the zonal wind is westerly, with peak wind speeds

above 30 ms�1. These peak speeds are associated with the subtropical jet stream,

which is related to the Hadley cell. Air near the equator is at a larger radius from

the centre of the Earth than air in the subtropics, thus by conservation of angular

momentum air moved from the equator towards the poles will move faster. Thus,

the jet streams are fast moving meandering air currents in the atmosphere near the

poles and in the subtropics. The subtropical jet stream is located at an altitude of

about 12 km and centered near 30� latitude in each hemisphere, and is strongest in

the winter season as seen by comparing figures 1.4a and b.

To most easily study the zonal mean meridional and vertical components of wind,

one can define a mean meridional mass stream function using equation 1.11 (Hart-

mann, 2016). The mass stream function can be understood as the flux of mass
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Figure 1.4: Figure 6.4 from Hartmann (2016), showing latitude–height cross-sections
of zonally averaged wind speed for the December-January-February months in figure
a, and the June-July-August months in b. Contour intervals are at 5 ms�1, westerlies
are in red, easterlies are in blue and data is from ERA-Interim.

northward above a specific pressure level p.

	M =
2�a cos (�)

g

Z p

0

[v]dp (1.11)

The stream function follows from mass conservation and can be defined for any non-

divergent flow. Thus, a useful property of the mass stream function is that the

mass flow between any two of its streamlines is equal to the difference between their

function values, so the mean meridional velocity and pressure velocity can be related,
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as shown by equations 1.12 and 1.13.

[v] =
g

2�a cos (�)

@	M

@p
(1.12)

[!] =
�g

2�a2 cos (�)

@	M

@�
(1.13)

Figure 1.5, from (Hartmann, 2016), shows the annual mean of the mean merid-

ional mass stream function and is a useful tool to visualize two important large scale

circulations, the Hadley cell and the Ferrel cells. The Hadley cell clearly dominates

the circulation with air rising near the equator, flowing towards the poles in each

hemisphere, then sinking in the subtropics. To complete the circulation, the sunk

air follows mean meridional winds near the surface to return to the equator. The

Ferrel cells circulate in the mid-latitudes with weaker motion and opposite direction.

Where the Hadley and Ferrel cells meet is where the subtropical jet occurs. The

rising branch of the Ferrel cell raises cold air in the subpolar region, from where it

then flows towards equator becoming warmer, before sinking in the subtropics.

While the Hadley cell is a product of uneven solar radiation peaking at the equator,

the Ferrel cells are associated with poleward motion generated by eddy circulations.

To begin understanding eddies, one can begin with cyclones and anticyclones, which

are large wind systems that circulate about a centre point of local pressure anoma-

lies (low pressure for cyclones and high pressure for anticyclones). Cyclones and
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Figure 1.5: Figure 6.5 from Hartmann (2016), showing annual mean of the zonally
averaged meridional mass stream function. Contour intervals are 2 � 1010 kg s�1,
red is positive and blue is negative, with arrows on the zero contours indicating the
direction of vertical motion, calculated from ERA-Interim.

anticyclones in the midlatitudes produce significant meridional transport of energy

and moisture on the scale of thousands of kilometers. While these fluctuations are

not apparent in zonal means, they contribute significantly to zonal mean climate.

Fluctuations from a temporal average (indicated with an overbar such as �y) for an

arbitrary quantity y can be represented with equation 1.14, while equation 1.15 is a

representation of fluctuations from the temporal zonal mean.

y0 = y � �y (1.14)

�y� = �y � [�y] (1.15)
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The role of eddies is especially clear when examining heat transport. When northward

flowing air is warmer than southward flowing air, northward eddy fluxes of temper-

ature are produced. Thus, the product of meridional velocity and temperature is

positive even if the mean meridional wind is zero, allowing equation 1.16 to express

the product with a sum (Hartmann, 2016). The three components on the right hand

side of equation 1.16 represent contributions from the mean meridional circulation,

stationary eddies, and transient eddies, respectively.

[vT ] = [�v][ �T ] + [�v� �T �] + [v0T 0] (1.16)

Transient eddies arise from weather disturbances in the mid-latitudes that develop

and decay rapidly with temporal scales from a few days to a week. These disturbances

generally move eastward following the prevailing winds and contribute significantly

to wind and temperature variations which are clearly apparent on weather maps.

Eddy fluxes by the time-averaged flow are associated with stationary planetary waves,

which are fluctuations of the time average from zonal symmetry. Stationary planetary

waves are clearly apparent in monthly mean pressure plots like figure 1.6, taken from

Hartmann (2016).

Stationary planetary waves result from the zonal variations in surface topogra-

phy and temperature associated with continents and oceans. For example, moun-

tain ranges like the Himalayas allow for mechanically forced zonal variation that

leads to the peak stationary eddy fluxes in the Northern Hemisphere. Moreover, the
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